Abstract: Basement of the Transantarctic Mountains comprises the Ross orogenic belt, a Neoproterozoic to Ordovician mobile belt located along the palaeo-Pacific margin of Gondwana. Our structural analysis of deformation in the Liv Group, a sequence of Cambrian volcanic, volcaniclastic, clastic and carbonate rocks, and nearby plutonic rocks indicates that the Shackleton Glacier area has a polyphase deformation history that includes development of both contractional and strike-slip structures. We describe evidence for synchronous contraction and strike-slip movement, and suggest that the structural suite in this area developed, at least in part, within a sinistral transpressive kinematic regime. Deformation in the Shackleton Glacier area is inferred to be at least in part younger than 505 Ma, based on the deformation of the well-dated Taylor Formation. New 40 Ar/ 39 Ar cooling ages from metamorphosed igneous and sedimentary rocks range from c. 500 to 470 Ma and are interpreted to date orogenic cooling. Based on our structural results, and on consideration of the tectonic environment represented by the Liv Group, we propose that shortening across a subduction-related volcanic arc system caused deformation of the Liv Group and associated plutonic rocks. Oblique convergence and thus, transpression, may have ultimately been related to left-oblique plate subduction.
The Ross orogenic belt in Antarctica represents one of the major mobile belts involved in the Neoproterozoic-early Palaeozoic assembly of Gondwana ( Fig. 1 ; Stump 1992 Stump , 1995 . Structural, stratigraphic and magmatic assemblages in the Ross orogen are typically viewed as the remnants of a continental arc located along the margin of the East Antarctic craton (Borg et al. 1990; Borg & DePaolo 1991; Goodge et al. 1993; Stump 1995; Encarnación & Grunow 1996) . Although the Ross orogenic belt has been the subject of study for nearly a century, fundamental questions persist about the spatial and temporal patterns of deformation because the remoteness and inaccessibility of the area continues to hamper field study. In this paper, we focus on the kinematics and timing of deformation in the Liv Group and nearby plutonic rocks in the Shackleton Glacier area of the Transantarctic Mountains. We first summarize results from structural study that we use to define the structural and kinematic evolution of the orogen in this area. We then present new 40 Ar/ 39 Ar cooling ages to constrain the timing of Late Cambrian to Ordovocian orogenic cooling. On the basis of our structural and geochronological results, and on consideration of the tectonic setting in which rocks in this area formed, we discuss our results in the context of a tectonic model for deformation in this sector of the orogen.
Geological setting of the Ross orogen
Rocks of the Ross orogen unconformably underlie DevonianJurassic sedimentary rocks of the Beacon Supergroup in the Transantarctic Mountains, a major Cenozoic rift flank uplift (Figs 1 and 2; Fitzgerald 1992; Stump 1995; Isbell 1999) . In general, structural and geochronological studies indicate that deformation and magmatism varied in space and time in the orogen (Rowell Transantarctic Mountains (Fig. 1) , shear zones and folds in the Shackleton Glacier area trend north to NW, at a high angle to the Transantarctic Mountain Front (Fig. 1) . West of Shackleton and Kosco glaciers, Lower to Middle Cambrian sedimentary successions in the central Transantarctic Mountains (i.e. the Beardmore(?) and Byrd groups) are largely devoid of volcanic rocks (Rowell & Rees 1989; Myrow et al. 2002) . By contrast, to the south and east of Shackleton and Kosco glaciers, Lower to Middle Cambrian sedimentary successions in the southern Transantarctic Mountains contain abundant volcanic and volcaniclastic rocks (i.e. the Liv Group; Rowell & Rees 1989; Rowell et al. 1997; Wareham et al. 2001) . The boundary between these different successions is located west of Shackleton Glacier, but is invaded by plutons and obscured by ice and snow. Isotopic patterns of plutons also show marked differences across this boundary and are interpreted to represent contrasting basement age provinces (Borg et al. 1990; Borg & DePaolo 1991 . We focused our efforts on the area just east of this boundary in the sedimentary-volcanic succession near Shackleton Glacier.
Previous workers defined four principal stratigraphic units in the Shackleton Glacier area: the Taylor, Greenlee, Fairweather and Duncan formations ( Grindley & Laird (1969) , McGregor & Wade (1969) , Mirsky (1969) and Stump (1992). 1965; Stump 1974 Stump , 1985 Wade 1974; Wade & Cathey 1985) . Sedimentary and volcanic rocks of the Taylor, Greenlee and Fairweather formations make up the Liv Group (Stump 1982) . The Taylor Formation at Taylor Nunatak is the least metamorphosed formation in the Liv Group, being sub-greenschist to greenschist facies, whereas the Greenlee, Fairweather and Duncan formations all experienced greenschist-to amphibolite-facies metamorphism. All of these units exhibit varying degrees of ductile folding and shearing.
The Taylor Formation contains a highly varied assemblage of meta-rhyolitic, -basaltic and -volcaniclastic rocks, limestones, argillites and quartzites (Stump 1982 (Stump , 1985 . Recent U-Pb dates and palaeontological data from felsic volcanic rocks at Lubbock Ridge and carbonate units interbedded with volcanic rocks at Taylor Nunatak, respectively, indicate that the Taylor Formation is Early to Mid-Cambrian in age (516 AE 6 Ma at Lubbock Ridge and 505 AE 1.5 Ma at Taylor Nunatak; Van Schmus et al. 1997; Encarnación et al. 1999) . The Greenlee Formation is stratigraphically below the Taylor Formation and consists of phyllites and quartzites. The Fairweather Formation, which is exposed to the east of Shackleton Glacier near Polaris Peak, contains a highly varied assemblage of marbles (i.e. the Henson Marble Member), meta-rhyolites and quartzites (Stump 1982 (Stump , 1985 Grunow et al. 1996; Rowell et al. 1997) . Van Schmus et al. (1997) reported an age of 550 AE 15 Ma from volcanic rocks of the Fairweather Formation. An Early Cambrian age for the Henson Marble Member of the Fairweather Formation is suggested by probable archaeocyathans . In the Liv Glacier area, the Spillway Fault juxtaposes the Fairweather Formation with the Duncan Formation, a sequence of quartzites and phyllites of unknown age (Stump 1981) . Stump (1985) reported reverse-sense shear indicators where the Spillway Fault places the Duncan Formation on top of the Fairweather Formation and thus, the Duncan Formation is probably older than the Fairweather Formation.
Granitoid plutons of the Granite Harbor intrusive suite intrude all of the pre-Beacon stratigraphic units in the Shackleton Glacier area (Fig. 2) . McGregor (1965) classified intrusions as pretectonic and post-tectonic, based on the presence or absence, respectively, of secondary foliations interpreted as having formed during deformation associated with tectonism. Deformed plutonic rocks are exposed along a NW-trending belt herein referred to as the Bravo Hills shear zone (McGregor 1965) . Undeformed gabbroic rocks in the Gabbro Hills yielded two-point Sm-Nd mineral isochron ages of 503 and 501 Ma (DePaolo 1996) , and are considered to be the oldest undeformed intrusions in the region (Borg et al. 1990 ).
Structure of the Shackleton Glacier area
The Shackleton Glacier area possesses a strong north-to NWtrending structural grain that is defined by the traces of folds, cleavage and shear zones (McGregor 1965; McGregor & Wade 1969; Stump 1985; Wade & Cathey 1985) . The following sections outline our structural analysis in the area that extends from the western side of Shackleton Glacier to the western side of Liv Glacier (Fig. 2) .
Folds
We recognized two generations of folds (F 1 and F 2 ) in the study area. F 1 fold axes are generally subhorizontal or plunge moderately to the north or south (Fig. 3a) . F 1 fold asymmetries and west-dipping axial planes in the Henson Marble near Polaris Peak indicate east vergence (Figs 3b and 4), whereas F 1 fold asymmetries in the Duncan Mountains indicate SW to west vergence (Stump 1981) . F 1 folds were identified in all stratigraphic units in the study area, but are not uniformly developed to the same deformation intensity and style. F 1 folds are common in the Henson Marble where they are characteristically close to isoclinal, with upright to inclined axial planes. We observed mesoscopic boudins on the limbs of F 1 folds in the Henson Marble locally near Polaris Peak and Mt. Henson. Boudins commonly plunge steeply on the limbs of F 1 folds in the Henson Marble with long axes at a high angle to F 1 fold hinges (Figs 3a and 5). Layers are thicker in the hinges, and thinner on the limbs of the F 1 folds. The single dominant F 1 fold in the Taylor Formation is an anticline whose crest is breached and covered by the Shackleton Glacier ( Fig. 2 ; Stump 1985 Stump , 1995 Polaris Peak, the Tusk and Mt. Henson (Fig. 2) , where they are developed within the limbs of F 1 folds and possess a moderate to steep plunge (Figs 3a, 5 and 6a, b) . We observed one F 2 fold in the Taylor Formation (Fig. 3a) . F 2 folds are mesoscopic in scale, deform compositional foliation on the limbs of F 1 folds, and are locally rootless or isoclinal with highly attenuated limbs that locally transpose compositional layering. The asymmetry of F 2 folds indicate sinistral shear (Figs 5 and 6b).
Cleavage
A strong, slaty S 1 disjunctive tectonic cleavage is present in both the Taylor Formation and the Henson Marble, with domain spacing less than 1 mm. S 1 is axial planar to F 1 , commonly striking north to NNW, and dipping toward the west ( Fig. 3b and   c ). The lineation, defined by the intersection of S 1 cleavage and bedding, plunges shallowly (i.e. 0-258) north and south. Bedding-S 1 cleavage intersections in the Taylor Formation indicate that the anticline along Shackleton Glacier has a horizontal, north-trending axis (Fig. 3d) . A late stylolitic cleavage cross-cuts S 1 cleavage in limestone beds of the Taylor Formation. This cleavage is subvertical and strikes east-west at a high angle to S 1 cleavage (Fig. 3c ). The lineation defined by the intersection of the late stylolitic cleavage and bedding plunges moderately to steeply (i.e. 35-658) east to ENE and WNW (Fig. 3d ).
Ductile shear zones
Shear zones developed within meta-sedimentary, -volcanic andplutonic rocks and can be identified in the field by the presence It should be noted that conjugate strike-slip faults cross-cut F 1 folds at a high angle. Dextral strike-slip faults are more common than sinistral strike-slip faults, a fault pattern that resembles fault arrays that develop by domino-style rotation of fault blocks in response to sinistral shear (Sylvester 1988) . Wavelengths of folds in the lower left corner are tens of metres. (b) Equal-area plot of strike-slip fault data near Polaris Peak. Dextral strike-slip faults on average strike ENE. Sinistral strike-slip faults range in strike from ENE to WNW, but it is the WNW-striking sinistral strike-slip faults that form a conjugate set to the WSW-striking dextral faults. The average conjugate fault geometry indicates shortening at a high angle to the trend of F 1 fold axes and the strike of S 1 cleavage.
of L-S tectonite fabrics associated with zones of anomalously high strain. The shear zones strike between north and NW (Figs 2 and 7) and can possess dip or along-strike mineral lineations. Dip-slip shear zones are of regional extent and reach kilometrescale lengths and widths (McGregor 1965; Stump 1981) . Strikeslip shear zones are of mesoscopic scale and occur locally, primarily near Polaris Peak, the Tusk and Mt. Henson, but also along shear zones dominated by dip-slip movement (Fig. 2 ).
Dip-slip shear zones. Four dip-slip shear zones of regional extent are exposed in the Mt. Greenlee and Nilsen Peak areas near Shackleton Glacier, in the Bravo Hills in the Gough Glacier area, and in the Duncan Mountains in the Liv Glacier area (Fig. 2) .
The shear zones at Nilsen Peak and at Mt. Greenlee are on the east and west sides of Shackleton Glacier, respectively, where they deform volcanic rocks mapped as Taylor Formation. The shear zones reach lengths of the order of tens of kilometres and widths of the order of 1 km (Fig. 2; McGregor 1965; Stump 1985) . The Nilsen Peak shear zone trends north-south and is characterized by a consistently north-striking mylonitic foliation that dips between 758 east and west (Fig. 7a) , whereas the Mt. Greenlee shear zone strikes NW and is characterized by a consistently NW-striking mylonitic foliation that dips between 758 NE and SW (Fig. 7b) . The shear zones typically have prototo meso-mylonite textures, and a well-developed foliation. Lineations are defined by elongated quartz (Fig. 8a) , strain shadows, and microscopic faulting and boudinage of rigid feldspar grains. In thin section, quartz exhibits undulatory extinction, deformation bands, subgrain development and sutured recrystallized boundaries. Feldspar porphyroclasts show rigid behavior in the form of microfaults and fractures. Collectively, these observations suggest greenschist-facies conditions during deformation (Passchier & Trouw 1996) . East-side-up shear is indicated in the shear zones by sigma-type porphyroclasts (Fig. 8a) , delta-type porphyroclasts (Fig. 8b) , asymmetric strain shadows, S-C fabrics and synthetic faults. The overall steep dip of the foliation in these zones (Fig. 7) precludes identification of a hanging wall and footwall, and thus their classification as either reverse or normal-sense shear zones is ambiguous.
We refer to the overall belt of orthogneiss outcrops originally mapped by McGregor (1965) as the Bravo Hills shear zone. McGregor (1965) reported that orthogneiss foliation in the area locally grades laterally into undeformed granodiorite and that the foliation commonly parallels the strike of nearby meta-sediments. Based on mapping by McGregor (1965) , the shear zone is c. 20 km wide and extends for 75 km from the Bravo Hills to the Mt. Henson area (Fig. 2) . We observed orthogneiss that had undergone ductile shearing at multiple localities throughout the Bravo Hills. Here, the shear zone is composed of rocks with dioritic compositions that possess a gneissic foliation defined by alternating leucocratic and mafic laminae. The gneissic foliation strikes NNW and dips 60-858 to the WSW. Rare stretching lineations defined by elongated feldspar plunge steeply down the dip of foliation. Asymmetric mesoscopic NW-NNW-trending F 1 folds locally deform the gneissic foliation and indicate top-tothe-NE (reverse) movement within the shear zone.
In the Liv Glacier area, the Spillway shear zone (i.e. Spillway fault; Stump 1981) juxtaposes the Duncan and Fairweather formations (Fig. 2) and extends for c. 45 km from the Duncan Mountains to Mt. Henson. On the SE side of Liv Glacier, the shear zone strikes NW, dips c. 758 to the NE, and places the Duncan Formation on top of the Fairweather Formation (Stump 1981) . McGregor (1965) and Stump (1981) interpreted overturned and asymmetric, mesoscopic, shallow NW-plunging folds (i.e. F 1 folds) to imply a top-to-the-SW shear direction on the Spillway shear zone within the Duncan Mountains. We examined the shear zone at Mt. Henson on the NW side of Liv Glacier (Fig. 2) . Here, the shear zone strikes NNW, dips steeply to the ESE, and juxtaposes the Duncan Formation against a tight, steeply inclined F 1 synform of the Henson Marble Member of the Fairweather Formation (Stump 1981) . To the north of Mt. Henson, the shear zone changes dip direction to the NW as observed by Stump (1981) .
Strike-slip shear zones. We observed mesoscopic-scale strike-slip shear zones locally, primarily near Polaris Peak, the Tusk and Mt. Henson, but also along shear zones dominated by dip-slip movement (i.e. the Mt. Greenlee and Spillway shear zones). Strike-slip shear zones range from one to tens of metres in length and from 10 cm to a few metres in width. Strike-slip shear zones are located on the limbs of F 1 folds where they strike parallel to compositional layering. F 2 folds related to movement within these zones locally transpose compositional foliation where they are isoclinal. A shallow, south-plunging mineral elongation defines the stretching lineation. Asymmetric, steeply plunging, F 2 folds (Figs 5 and 6b) , together with asymmetric domino-style and shear-band boudins (Fig. 6b and c) , suggest that the shear zones typically have a sinistral sense of shear. However, sinistral shear is not ubiquitous in the area. Dextral shear is locally indicated along the Mt. Greenlee shear zone by shear-band boudins. At Sage Nunataks (Fig. 2) shear sense indicators were equivocal; asymmetric steeply plunging mesoscopic folds in white mica schist indicate dextral shear, whereas sinistral shear is indicated by a mesoscopic winged diorite inclusion within orthogneiss.
Faults
A population of strike-slip faults offsets compositional layering in the Henson Marble north of Polaris Peak (Figs 2 and 4) . The fault population is formed of subvertical sinistral and dextral strike-slip faults (Fig. 4) . As illustrated in Figure 4 , dextral strike-slip faults are more common than sinistral strike-slip faults; dextral and sinistral strike-slip faults compose about 75% and 25% of the faults, respectively. The faults display offsets ranging from one to tens of metres and locally have breccias cemented by blocky calcite spar along their traces. Dextral strike-slip faults on average strike WSW, whereas sinistral strikeslip faults range in strike from WNW to WSW. Figure 4a illustrates that the WNW-striking sinistral strike-slip faults form a conjugate fault set to the WSW-striking dextral faults. Our dataset on the orientation of WNW-striking sinistral faults is limited to two data points. The average of these two WNWstriking sinistral faults, along with the average of the dextral faults, indicates that the conjugate fault angle between these sets is c. 408. The conjugate bisector is at a high angle and possibly normal to the trend of F 1 folds (Fig. 4b) , consistent with the conjugate faults shown in Figure 5 .
Previous workers also identified a number of regional-scale normal faults that displace rocks of the Beacon Supergoup in the area (Fig. 2) . Overall, these faults strike WNW parallel to the Transantarctic Mountain Front (Barrett 1965; Mirsky 1969) . Recent work in the Cape Surprise area indicates that these WNW faults are dominated by dip-slip, normal-sense movement thought to be related to Transantarctic Mountains uplift (Miller et al. 2001) . Brittle normal-sense mesoscopic faults in basement rocks in the area may be related to these post-Beacon faults and are not addressed further in this paper.
Relative age of structures
Our structural analysis demonstrates that rocks in the Shackleton Glacier area contain a range of deformation features that include contractional structures (i.e. F 1 folds, S 1 cleavage and reversesense shear zones) and strike-slip related structures (i.e. F 1 -parallel strike-slip shear zones). The earliest structures identified are north-to NW-trending F 1 folds and S 1 axial planar cleavage, which we denote as D 1 . Sinistral strike-slip shear zones and associated F 2 folds formed after F 1 folding, resulting in the refolding and transposition of D 1 fabrics. Steeply plunging boudins formed after F 1 folding, resulting in a deflection of S 1 axial planar cleavage near the necks of boudins. Conjugate strike-slip faults formed after F 1 folding, offsetting F 1 folds and associated cleavage. The conjugate strike-slip faults show brittle deformation (i.e. brecciation) of the ductile fabrics in the Henson Marble, indicating that they probably formed after ductile deformation associated with the sinistral strike-slip shear zones and associated F 2 folds. The late stylolitic cleavage in the Taylor Formation cross-cuts F 1 folds and S 1 cleavage at a high angle, indicating that it postdates the formation of F 1 folds.
Deformation model
Using the cross-cutting structural relationships outlined above, along with a consideration of strain compatibility among structures, we separate the structural evolution of the area into three deformation phases, referred to as D 1 , D 2 and D 3 (Fig. 9) . D 1 involved the formation of north-to NW-trending F 1 folds, S 1 Fig. 9 . Schematic model for deformation in the Shackleton Glacier area. F 1 folds, S 1 cleavage, and possibly reverse-sense shear zones formed during the earliest deformation phase, D 1 , which was characterized by east-west to NE-SW contraction. Sinistral strike-slip shear zones and steeply plunging boudins formed on the limbs of F 1 folds during the D 2 deformation phase, which was characterized by F 1 -parallel sinistral shearing and extension. Conjugate strike-slip faults, with an overall predominance of dextral strike-slip faults, formed during the D 3 deformation phase, which was characterized by coeval approximately F 1 -normal shortening, approximately F 1 -parallel extension, and F 1 -parallel sinistral strike-slip shear (i.e. transpression). By analogy with other transpressive belts, we suggest that the temporal progression of strain from D 1 to D 2 structures (i.e. initial contractional folding followed by fold-parallel strike-slip shearing and extension) collectively reflects a single, progressive, transpressional deformation episode. D 3 conjugate strike-slip faults formed during this transpressional deformation episode, albeit during a later brittle deformation phase.
cleavage, and possibly reverse-sense shear zones (i.e. the Spillway Fault and the Bravo Hills shear zone). D 2 involved the post-F 1 formation of F 2 folds and associated F 1 -parallel sinistral strike-slip shear zones, and steeply plunging boudins. D 3 involved the post-F 2 formation of conjugate strike-slip faults at a high angle to F 1 folds and S 1 cleavage.
The orientations of F 1 fold axes and S 1 cleavage indicate that east-west to NE-SW shortening characterized D 1 (Fig. 9) . The spatial association of reverse-sense shear zones with F 1 folds, along with their orientation and sense of movement, indicates that they could also have developed during D 1 shortening. The near-vertical orientation of the Nilsen Peak and Mt. Greenlee shear zones precludes their classification as reverse or extensional shear zones. If they are of reverse geometry, then they may also represent D 1 structures. Like previous workers (Stump 1981) , we see no evidence for deformation that predates D 1 structures in the area.
F 2 folds and associated strike-slip shear zones, e.g. Polaris Peak, the Tusk and Mt. Henson areas, indicate that D 2 involved sinistral strike-slip shear parallel to F 1 fold axes (Fig. 9) . Crosscutting relations do not constrain the temporal relationship between the sinistral shear zones and the steeply plunging boudins. However, the steeply plunging boudins on the limbs of F 1 folds indicate that F 1 -parallel extension and structures indicative of fold-parallel extension and strike-slip shearing could be coeval, as shown in studies of transpressive deformation belts (Kirkwood 1995; Kirkwood et al. 1995) . Cross-cutting relations also do not constrain the temporal relationship between D 2 structures and reverse-sense dip-slip shear zones, and thus we cannot rule out the possibility that reverse-sense shear zones formed during D 2 . A D 2 transpressional strain field would allow for deformation by reverse-sense movement and local evidence for strike-slip movement along the Spillway Fault suggests movement during D 2 . If reverse-sense dip-slip shear zones formed coeval with strike-slip shear zones, then strain was partitioned spatially within the orogen, as has been documented in many regions (Platt 1993; Curtis 1997) . Local dextral strike-slip movement in the Mt. Greenlee shear zone is hard to relate to D 2 and it therefore may reflect heterogeneous strain or minor strike-slip movement related to lateral F 1 -parallel extrusion (e.g. Mancktelow & Pavlis 1994) .
The orientation of the D 3 conjugate strike-slip faults, along with their relatively small displacements, represents an infinitesimal strain indicative of synchronous approximately F 1 -normal shortening and approximately F 1 -parallel extension (Fig. 9) . The predominance of dextral strike-slip faults within the overall conjugate array indicates that these faults did not simply form by uniform pure shear. Rather, this pattern resembles fault arrays that facilitate domino-style rotation of fault blocks in response to sinistral shear (Sylvester 1988) . The orientation of the dextral strike-slip faults suggests that sinistral shear was oriented roughly parallel to F 1 fold axes. This brittle deformation style would have facilitated attenuation of the deformation zone, which indicates extension approximately parallel to F 1 fold axes. Studies of deformation belts indicate that transpressive deformation, a combination of orthogonal pure shear and simple shear, commonly involves a coeval fold-normal shortening, fold-parallel extension and fold-parallel strike-slip movement (Harland 1971; Sanderson & Marchini 1984; Bürgmann 1991; Kirkwood 1995; Kirkwood et al. 1995) . The D 3 deformation phase contains all of these characteristics and can therefore be characterized as transpressive.
Our data indicate that a late stylolitic cleavage postdates D 1 structures, but do not constrain the relationship of this cleavage with respect to D 2 or D 3 structures. Given that the late stylolitic cleavage is nonpenetrative, only locally developed and not easily related to any of the deformation phases, it may be related to a younger deformation phase.
Deformation timing
A first approximation of deformation timing in the Shackleton Glacier area is provided by deformation of both the Henson Marble and the Taylor Formation, which have Early Cambrian and Mid-Cambrian (c. 505 Ma) depositional ages, respectively Encarnación et al. 1999) . Deformation of these units could be the product of either a single post-505 Ma episode or two distinct episodes, punctuated by deposition of the Taylor Formation. Our structural analysis indicates that D 1 and D 2 structures are present in both units. Furthermore, we saw no evidence for refolded folds or cleavage in the Henson Marble, which could be expected if an earlier deformation episode affected this unit. We therefore favour the simplest scenario with respect to deformational timing, which involves coeval deformation of the units post-505 Ma. Are structural and metamorphic aspects of these units consistent with one deformation episode? D 1 and especially D 2 structures are more common in the Henson Marble than the Taylor Formation; we observed just one F 2 fold in the Taylor Formation. In the context of a single deformation episode, such disparities could reflect differences in the mechanical properties of the units (i.e. rheological strain partitioning) and in their structural level during deformation. Indeed, rocks throughout the area display a higher grade of metamorphism (i.e. greenschist-to amphibolite-facies metamorphism) than do the less metamorphosed greenschist-to sub-greenschist-facies rocks of the Taylor Formation at Taylor Nunatak (Stump 1985 , and our own field observations), which could reflect different levels of crustal exposure of the same event. In summary, present geochronological data cannot constrain the exact timing of deformation of the Henson Marble with respect to the Taylor Formation. However, our structural analysis does indicate that D 1 and D 2 structures in the Henson Marble show no discernible difference in orientation from D 1 and D 2 structures in the Taylor Formation, which is consistent with both a single deformation episode or two episodes with similar kinematics.
Ar/ 39 Ar results
Previous workers have used 40 Ar/ 39 Ar mineral ages to constrain the timing of orogenic cooling following deformation in the central Ross orogen (Goodge & Dallmeyer 1992 , 1996 Baldwin et al. 1995; Grunow & Encarnación 2000a, b) . Ductile tectonites in the Nimrod Group (Fig. 1b) have 40 Ar/ 39 Ar hornblende cooling ages of 524-495 Ma and muscovite cooling ages of 499-496 Ma (Goodge & Dallmeyer 1992 , 1996 . Granitoids in southern Victoria Land have 40 Ar/ 39 Ar biotite cooling ages of c. 499 AE 3 Ma (Grunow & Encarnación 2000a) , whereas those in the Scott Glacier area have biotite cooling ages ranging from 496 to 460 Ma (Baldwin et al. 1995; Grunow & Encarnación 2000b) . To constrain the upper age limit of deformation in the Shackleton Glacier area, we conducted an 40 Ar/ 39 Ar analysis of rocks from the Shackleton Glacier area and adjacent sectors of the range. Analyses were conducted at the Ohio State University 40 Ar/ 39 Ar geochronology laboratory. For mica samples, around 50 mg of sample were analysed. A larger amount (150 mg) was used for hornblende. Mineral concentrates were obtained by conventional mineral separation techniques and finally hand-picked under a binocular microscope. Argon from the samples was released by incremental step heating in a resistance furnace prior to mass spectrometric analyses. All 40 Ar/ 39 Ar mineral ages are corrected with an internal standard calibrated against the standard MMhb1 (Alexander et al. 1978 ) with a nominal age of 523.5 Ma (Renne et al. 1994) and are portrayed as age spectra in Figure 10 . The analytical data are available from the authors upon request.
Samples GBH-2F6 (hornblende) and GBH-2F5 (white mica) are from schists, whereas samples GBH-2F4 (biotite) and GBH-2F4 (white mica) are from the same hand sample of gneiss. All are from the most SSW nunatak of the Sage Nunataks and are interpreted as deformed plutonic rocks (McGregor 1965; Figs 2 and 10a-d) . GBH-2F4 is from the south end of the nunatak. GBH-2F5 and GBH-2F6 were collected a few tens of metres to the north of GBH-2F4. These samples yielded intermediate-to high-temperature plateau ages of 500 AE 5 Ma (hornblende), 484 AE 3 Ma and 489 AE 3 Ma (white mica), and 491 AE 3 Ma (biotite). Samples HEN-4 (white mica) and are from metasandstones in marbles at Mt. Henson (Figs 2 and 10e, f). These samples yielded intermediate-to high-temperature plateau ages of 475 AE 3 Ma (white mica) and 477 AE 6 Ma (phlogopite). Overall, our results are similar to preliminary 40 Ar/ 39 Ar mineral ages reported for rocks in the Shackleton Glacier area (Baldwin et al. 1999) .
The closure temperature for hornblende (530 AE 30 8C; Harrison 1981) approximates temperatures expected for the amphibolite-grade metamorphism observed in the area (McGregor 1965) . The 500 AE 5 Ma 40 Ar/ 39 Ar hornblende age from Sage Nunataks reflects cooling following metamorphism, and thus represents a minimum deformation age. We interpret the younger white mica ages to date the time of cooling following Ross deformation because the closure temperature for white mica (375 AE 25 8C; Dodson 1979 ) is lower than the temperatures expected for the metamorphic grade. We also attribute the biotite age from the Sage Nunataks locality to reflect orogenic cooling because the closure temperature for biotite (295-410 AE 50 8C depending on the Fe/Mg ratio; Blanckenburg et al. 1989 ) is lower than the temperatures expected for the metamorphic grade. The biotite plateau age is concordant with the white mica ages within analytical error, which may be due to rapid exhumation or the chemistry of the biotite.
Tectonic synthesis
Geologists have long debated the spatial and temporal patterns of deformation along the Ross orogen. Considerable discussion has revolved around whether the Ross orogen as a whole is a compressive (Kleinschmidt et al. 1992; Stump et al. 2002) or transpressive orogen (Goodge et al. 1993; Jones 1997; Rocchi et al. 1997; Cook & Craw 2001) . Our results indicate that D 1 structures in the Shackleton Glacier area could have formed during orthogonal convergence. However, compressive orogenic models cannot explain D 2 structures, indicating that deformation involved orogen-parallel strike-slip movement and extension. Compressive orogenic models also cannot explain D 3 structures, indicating that deformation involved components of orogennormal shortening and orogen-parallel strike-slip movement, which were at least in part synchronous, indicating a transpressive strain field. Can transpressive orogenic models explain D 1 and D 2 structures in the Shackleton Glacier area? Studies of other transpressive belts indicate that deformation commonly involves a temporal progression of strain, with initial folding followed by the development of fold-parallel strike-slip shear zones and structures indicative of fold-axis parallel extension (LaFrance 1989; Kirkwood 1995; Kirkwood et al. 1995) . The Shackleton Glacier area shows a similar deformation sequence. D 1 produced north-to NW-trending F 1 folds and associated cleavage. As F 1 folds tightened, shear zones and steeply plunging boudins on the limbs of F 1 folds accommodated F 1 -parallel sinistral strike-slip movement and extension, respectively. We therefore suggest that D 1 and D 2 structures collectively reflect a single, progressive, transpressional deformation episode, involving kinematic partitioning, with a rheological control on deformation intensity. D 3 conjugate strike-slip faults also formed during this transpressional deformation episode, albeit during a later brittle deformation phase.
The youngest deformed unit in the Shackleton Glacier area is the Taylor Formation (c. 505 AE 1.5 Ma; Encarnación et al. 1999) . Thus, deformation of the Taylor Formation constrains the Ross Fig. 10 .
40 Ar/ 39 Ar incremental release spectra for biotite, white mica, phlogopite and hornblende separates from deformed plutonic rocks at Sage Nunataks, and metasandstones in the Henson Marble at Mt. Henson. Samples GBH-2F4 (biotite and white mica) come from the same rock sample. Vertical axes represent age (Ma), and ratios of K/Ca and K/ Cl released; horizontal axis is cumulative percent 39 Ar released. The thickness of the bars on the age spectrum plots is AE1ó, whereas the uncertainties on the reported plateau ages are AE2ó.
orogeny to be Mid-Cambrian or younger in this sector of the orogen, consistent with models of diachronous deformation during the Ross orogeny (Rowell et al. 1992; Goodge et al. 1993; Goodge 1997; Rowell et al. 2001; Myrow et al. 2002) . In general, the 40 Ar/ 39 Ar cooling ages indicate closure between about 500 AE 5 Ma (hornblende) and 475 AE 3 Ma (white mica), which we interpret to date orogenic cooling associated with uplift and unroofing of the orogen. These ages are similar to 40 Ar/ 39 Ar cooling ages reported elsewhere in the Transantarctic Mountains, which generally are in the 490-500 Ma range (Late Cambrian), although some of our Shackleton Glacier area results are slightly younger, yielding Ordovician cooling ages (Goodge & Dallmeyer 1992 , 1996 Baldwin et al. 1995 Baldwin et al. , 1999 Grunow & Encarnación 2000a, b; Goodge 2002) . The 40 Ar/ 39 Ar cooling ages from hornblende and muscovite indicate an average post-kinematic cooling rate of c. 6 8C Ma À1 in the Shackleton Glacier area. To determine an average denudation rate for the area, this cooling rate can be multiplied by an assumed inverse geothermal gradient. Deformation in the Shackleton Glacier area is likely to have occurred in a subduction-related volcanic-arc setting (Borg et al. 1990 ). Thus, if we assume geothermal gradients of 25 8C km À1 and 50 8C km À1 , which are values characteristic of volcanic arcs along convergent margins (Keary & Vine 1990) , we obtain possible denudation rates of c. 0.24 mm a À1 to c. 0.12 mm a À1 , respectively. Rates within this range are consistent with uplift induced by shortening and thickening of the crust (Harrison et al. 1992) , and are similar to the denudation rates that Goodge & Dallmeyer (1996) reported for the central Transantarctic Mountains.
Consideration of geochemical and geological data suggests that the Liv Group was deposited in an extensional rift setting proximal to an active Cambrian volcanic arc along a subducting margin (Borg et al. 1990; Stump 1995; Wareham et al. 2001) . Interpretation of the Liv Group as a suprasubduction type basin has merit because it explains the presence of fossiliferous marine limestones Encarnación et al. 1999) , bimodal volcanic rocks (Borg et al. 1990; Borg & DePaolo 1991; Stump 1995; Wareham et al. 2001) , and plutons with a volcanic-arc geochemical signature (Borg et al. 1990; Borg & DePaolo 1991) . On the basis of a modern-day analogue, Wareham et al. (2001) considered the c. 515 Ma basalts in the Liv Group to have been produced close to the axis of an intra-arc or back-arc rift system, and the 525 Ma silicic rocks of the Wyatt and Ackerman formations (which they included with the Liv Group) to have formed along the rift shoulder. We concur that deposition of the Liv Group in the Shackleton Glacier area probably occurred in an extensional basin(s) associated with subduction-related arc magmatism in the southern Transantarctic Mountains. Recent work suggests that the arc system may have been part of a larger collage of arcs (e.g. the Ellsworth Mountains and Bowers terranes) based on the similarity of isotopic age provinces, deformation timing, and Early to MidCambrian volcanic-sedimentary successions among these blocks (Vennum et al. 1992; Borg & DePaolo 1994; Encarnación & Grunow 1996; Rowell et al. 1997; Duebendorfer & Rees 1998; Curtis et al. 1999; Grunow & Encarnación 2000b; Curtis 2001) . It may be that the palaeo-Pacific margin of Gondwana was similar to the present Pacific-Eurasian plate boundary, with a complicated mix of multiple fringing arcs and subduction systems (Goodge et al. 1993; Grunow & Encarnación 2000b) . We propose that post-505 Ma convergence across the arc system caused deformation of plutons and the inversion of basins in the Shackleton Glacier area. Left-oblique convergence, and thus transpressive deformation, may have ultimately been related to left-oblique plate subduction (Goodge et al. 1993; Encarnación & Grunow 1996) , but our structural data do not constrain plate kinematics during this event.
On a regional scale, basin closure in the Shackleton Glacier area produced a structural belt of north-to NW-trending shear zones, folds and associated cleavage that trend at an oblique angle to the orogen (Fig. 1) . Considering that the oblique structural grain of the belt coincides with a boundary in the Ross orogen that separates markedly different stratigraphic packages and isotopic patterns of plutons, we propose that the regional trend of these structures was inherited from the original shape of the basin(s) in which they formed. This proposal is supported by field and analogue model studies (Breen et al. 1989; Macedo & Marshak 1999) , which indicate that the map-view shape of faults and related folds is strongly influenced by the shape of continental margins and blocks that become involved in collision zones. In other words, structural belts in the Ross orogen were effectively wrapped around the promonotories and embayments of marginal basins and blocks, as is the case for curves that developed in the Delamarian orogen, the northern extension of the Ross orogenic belt in Australia (Marshak & Flottmann 1996) . The SWEAT hypothesis notwithstanding (i.e. East Antarctica was connected to Laurentia in the Late Precambrian ; Dalziel 1991; Moores 1991; Stump 1992; Goodge 2002) , the curvature of the orogen may provide a clue to the overall shape of the Neoproterozoic rift margin of East Antarctica (Brookfield 1993 ).
Conclusions
Our results provide the first kinematic evidence for transpressive deformation of supracrustal rocks in the southern Transantarctic Mountain sector of the Ross orogen. Goodge et al. (1993) documented deep-seated sinistral transpressive deformation (.25 km) beginning at c. 540 Ma in the central Transantarctic Mountains, and here we have documented kinematically compatible deformation as young as 505 Ma. Uplift and orogenic cooling appears to have begun at c. 500-490 Ma. Thus, the southern and central Transantarctic Mountain sectors of the Ross orogen may have been under a similar tectonic regime for c. 40 Ma. Considering the volcanic arc affinities of basement rocks in the southern Transantarctic Mountains, a likely tectonic model for deformation in the Shackleton Glacier region is one of leftoblique convergence across a subduction-related volcanic arc system.
